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Aerosol-induced radiative flux changes off the United States 
mid-Atlantic coast: Comparison of values calculated from 
sunphotometer and in situ data with those measured 
by airborne pyranometer 
P. B. Russell, • J. M. Livingston, 2 P. Hignett, 3 S. Kinne, 4J. Wong, 5A. Chien, 6'7 R. 
Bergstrom, a P. Durkee, 9 and P. V. Hobbs •ø 
Abstract. The Tropospheric Aerosol Radiative Forcing Observational Experiment (TARFOX) 
measured a variety of aerosol radiative effects (including flux changes) while simultaneously 
measuring the chemical, physical, and optical properties of the responsible aerosol particles. Here 
we use TARFOX-determined aerosol and surface properties to compute shortwave radiative flux 
changes for a variety of aerosol situations, with midvisible optical depths ranging from 0.06 to 
0.55. We calculate flux changes by several techniques with varying degrees of sophistication, in 
part to investigate the sensitivity of results to computational approach. We then compare 
computed flux changes to those determined from aircraft measurements. Calculations using 
several approaches yield downward and upward flux changes that agree with measurements. The 
agreement demonstrates closure (i.e., consistency) among the TARFOX-derived aerosol 
properties, modeling techniques, and radiative flux measurements. Agreement between calculated 
and measured ownward flux changes is best when the aerosols are modeled as moderately 
absorbing (midvisible single-scattering albedos between about 0.89 and 0.93), in accord with 
independent measurements of the TARFOX aerosol. The calculated values for instantaneous 
daytime upwelling flux changes are in the range + 14 to +48 W m -2 for midvisible optical depths 
between 0.2 and 0.55. These values are about 30 to 100 times the global-average direct forcing 
expected for the global-average sulfate aerosol optical depth of 0.04. The reasons for the larger 
flux changes in TARFOX include the relatively large optical depths and the focus on cloud-free, 
daytime conditions over the dark ocean surface. These are the conditions that produce major 
aerosol radiative forcing events and contribute to any global-average climate effect. 
1. Introduction 
The Tropospheric Aerosol Radiative Forcing Observational 
Experiment (TARFOX) was designed to reduce uncertainties in 
the climatic effects of tropospheric aerosols by measuring aerosol 
properties and effects in one of the world's major industrial 
pollution plumes, that flowing from the East Coast of the United 
States over the Atlantic Ocean [Russell et al., this issue]. 
TARFOX measured a variety of aerosol radiative effects 
(including radiative flux changes) while simultaneously 
measuring the chemical, physical, and optical properties of the 
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aerosol particles causing those effects. The resulting data sets 
permit a wide variety of tests of the consistency, or closure, 
among the measurements and the models that link them. Because 
climate predictions use the same or similar model components, 
closure tests help to assess and reduce prediction uncertainties. 
A radiative forcing is an imposed change in the net 
(downwelling minus upwelling) radiative flux at a level in the 
atmosphere [Intergovernmental Panel on Climate Change 
(IPCC), 1995; Hansen et al., 1997]. Such a flux change can 
induce changes in atmospheric and surface temperatures, and 
hence in evaporation and condensation, convective processes, 
circulation patterns, and constituent distributions. Commonly, 
forcing is defined as the flux change at the tropopause or at the 
top of the atmosphere. However, as recently emphasized by 
Hansen et al. [1997], the responses of the climate system depend 
not only on the magnitude of the flux change (measured in W 
m -2) at those commonly chosen levels but also on the vertical 
profile and other features of the forcing. The sensitivity of 
climate to the altitude distribution of flux change is especially 
important for absorbing tropospheric aerosols, since they can 
affect the heating profile in and near the boundary layer and thus 
convection and cloud formation and prevalence [Hansen et al., 
1997]. Hence in this paper we will be interested in radiative flux 
changes at different altitudes, in particular above, within, and 
below tropospheric aerosol ayers. 
In this work we use TARFOX-determined aerosol and surface 
properties to compute radiative flux changes for a variety of 
2289 
2290 RUSSELL ET AL.: AEROSOL-INDUCED FLUX CHANGE COMPARISON 
Table la. Coordinates and Other Characteristics of Optical Depth Spectra Measured by Six-Channel Sunphotometer 
(AATS-6) on C-131A and Analyzed for Radiative Flux Changes Using Methods A - C 
Profile Coordinates ag550 nm), mi= 
C-131A o•(350- 1000 
1996 Flight Lat, øN Long, øW UT Start UT End •550 rim) rim) 0.017 0.010 0.007 
July 10 1723 39.0 75.1 1927 1959 0.067 2.0 0.857 0.910 0.934 
July 17 1728 37.5 74.3 1831 1901 0.510 1.5 0.884 0.928 0.948 
July 25 1735 38.7 74.2 1906 1928 0.550 1.6 0.863 0.910 0.933 
July 26 1736 38.1 73.8 1844 1908 0.180 1.5 0.875 0.922 0.943 
July 27 1737 37.9 72.6 1704 1720 0.110 2.3 0.859 0.912 0.937 








Values of to(550 nm) are calculated from retrieved size distributions (Plates 2b-2d, 2f-2h, and Figure ld) using the refractive index model of 
Figure 3 with m i - 0.017, 0.010, 0.007, or 0.005 for g <2.5 gm. Lower radius limit of integrals i  0.1 gm. 
Table lb, Coordinates and Other Characteristics of Optical Depth Spectra Measured by 14-Channel Sunphotometer 
(AATS-14) on Pelican and Analyzed for Radiative Flux Changes Using Methods A - C 
Profile Coordinates ag550 nm), mi= 
Pelican 
1996 Flight Lat, øN Long, øW UT Start UT End •550 nm) 
July 29 11 38.5 75.0 1959 2106 0.182 
July 31 12 37.8 75.2 1642 1750 0.197 
a(350 - 1000 
nm) 0.017 0.010 0.007 0.005 
1.9 0.830 0.892 0.922 0.943 
1.5 0.836 0.895 0.924 0.944 
Values ofto(550 nm) are calculated from retrieved size distributions (Plates 2b-2d, 2f-2h, and Figure 1 d) using the refractive index model of 
Figure 3 with m• = 0.017, 0.010, 0.007, or 0.005 for g <2.5 gm. Lower radius limit of integrals is 0.1 gm. 
aerosol episodes, with midvisible optical depths ranging from 
0.06 to 0.55. Because the aerosol particle sizes encountered in 
TARFOX were predominantly submicron and because the 
aerosol layers were confined to altitudes below a few kilometers 
(hence having temperatures not very different from that of the 
surface), their effects on longwave (•k > 4 [xm) radiation are 
expected to be negligible compared to their shortwave effects. 
Hence the calculations and measurements described here are 
restricted to the shortwave, or solar, spectrum (•k< 4 [xm). We 
calculate shortwave flux changes by several techniques with 
varying degrees of sophistication, in part to investigate the 
sensitivity of results to computational approach. We then 
compare computed flux changes to those determined from 
aircraft measurements. 
2. Measurements 
In this paper we use measurements from three aircraft 
(C-131A, Pelican, and C-130) and from land and ships. Russell et 
al. [this issue, Plate 2] gives a schematic view of how the aircraft 
Table lc. Coordinates of C-130 Flight Segments That 
Produced Measured Flux-Change Values Used 
in This Paper 
Profile Coordinates 
C-130 
1996 Flight Lat, øN Long, øW UT Start UT End 
July 25 A469 37.4-38.6 73.7-74.7 1400 2120 
July 27 A470 36.5-37.9 72.8-74.0 1410 2230 
were often positioned relative to aerosol layers and to the land 
and ship measurements, whereas Whiting et al. [1996] show the 
actual flight tracks for specific days. As described in more detail 
below, the aerosol chemical composition is derived from C-131A 
measurements, column size distributions are derived from 
sunphotometer measurements on the C-131A and Pelican, and 
the radiative flux measurements were made on the C-130. Hence 
when we compare the radiative flux changes calculated from 
sunphotometer-derived size distributions with the flux changes 
derived from C-130 flux measurements, we want to focus on 
cases where the sunphotometer aircraft (C-131A or Pelican) was 
close enough to the C-130 that the aerosols determining their 
measurements can be expected to be similar (at least regarding 
intensive properties like composition and relative size 
distribution, though not necessarily regarding column properties 
like optical depth). As discussed further below and as shown in 
Tables 1 a- 1 c, this closeness criterion was met by the C- 131A and 
the C-130 on two days, July 25 and 27, 1996, when they made 
measurements within 1 ø of latitude and longitude (see also 
Whiting et a l. [1996] for the actual flight tracks). For 
completeness in characterizing flux changes during the TARFOX 
Intensive Field Campaign we calculate flux changes on a wide 
range of days using C-131A and Pelican sunphotometer data (see 
below), but we compare measured and calculated flux changes 
only on July 25 and 27. 
2.1. Aerosol Properties 
2.1.1. Aerosol layer optical depth spectra. These were 
derived from measurements made by the six-channel NASA 
Ames Airborne Tracking Sunphotometer (AATS-6) [Matsumoto 
et al., 1987] mounted atop the University of Washington C-131A 
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[Hobbs, 1996, this issue] and by the 14-channel Ames Airborne 
Tracking Sunphotometer (AATS-14) mounted on the nose of the 
Pelican. Center wavelengths of working aerosol channels were 
380, 451,525, and 1021 nm for AATS-6 and 380, 448, 453, 499, 
525, 605, 667, 779, 864, 1019, and 1558 nm for AATS-14; full 
widths at half maximum were 5 nm for all channels except 2 nm 
for the 453-nm channel of AATS-14. Aerosol optical depths 
were derived from sunphotometer-measured direct-beam 
transmissions as described by Russell et al. [1993]. Plate 1 
shows vertical profiles of aerosol optical depth measured by 
AATS-6 in selected C-131A ascents. The error bars in Plate 1 
were computed using equation (A22a) of Russell et al. [1993]; 
they include uncertainties in detector signal, instrument 
calibration, airmass, Rayleigh, ozone, and nitrogen dioxide 
optical depths, and in diffuse light entering the sunphotometer. 
Diffuse light corrections were estimated using the method of Box 
and Deepak [1979]; they were found to be a few percent or less 
for the 4.5 ø field of view and the size distributions encountered in 
TARFOX. (See Appendix A for an explanation of why the 
profiles occasionally show optical depth increasing with 
increasing altitude.) To obtain optical depth spectra for the layer 
spanned by the C-131A, values at the top of each profile were 
subtracted from those at the bottom, producing the spectra shown 
in Plates 2a, 2e. Figures l a, lb show aerosol optical depth 
spectra measured by AATS-14 for several altitudes on two days. 
Differencing the spectra at maximum and minimum altitudes 
produces the layer Qptical depth spectra shown in Figure 1 c. 
2.1,2. Aerosol broadband visible optical depths. We 
calculate aerosol broadband visible optical depths •300-700 nm) 
from our aerosol optical depth spectra in order to facilitate 
comparisons to the results of Hignett et al. [this issue], who 
provide their measured flux changes as a function of •300-700 
nm). Section 2.3 and Hignett et al. [this issue] describe how they 
obtain •300-700 nm) from their occulted pyranometer 
measurements. In calculating •300-700 nm) values we weight 
our spectral optical depths by the solar spectrum below or above 
the aerosol in order to simulate the weighted averaging done by 
the pyranometers. 
2.1.3. Aerosol composition. We use the results of Novakov et 
al. [1997] and Hegg et al. [1997], showing the relative amounts 
of aerosol water, carbonaceous matedhal, and sulfate obtained by 
chemical and physical measurements of the aerosol sampled by 
the C-131A in TARFOX. Those aerosol samples were obtained 
on flights that included the profiles that yielded the optical depths 
shown in Plates 1 and 2. 
2.1.4. Aerosol single-scattering albedo. We use wet single- 
scattering albedo values that are within the range of the wet 
single-scattering albedo bounds derived by Hegg et al. [1997] 
from their dry single-scattering albedo measurements. These are 
also consistent with the land and ship skylight measurements 
reported by Remer et al. [1997, this issue] and Remer and 
Kaufman [1998]. In this paper, the terminology wet describes 
aerosol particles in their state of hydration at ambient conditions; 
dry describes the particles after they are dehydrated aboard the 
C-131A [Hegg et al., 1997]. To explore the effect of changing 
single-scattedhng albedo on calculated flux changes, we also make 
some calculations using a single-scattedhng albedo appropriate for 
dry TARFOX aerosol particles. 
2.2. Surface Albedo 
Glew et al. [1998] report surface albedo values derived from a 
large set of over-ocean measurements by the U.K. Meteorological 
Office Meteorological Research Flight C-130. We use the fitting 
equation reported there and by Taylor et al. [ 1996] to describe the 
dependence of ocean surface albedo on solar zenith angle. 
2.3. Radiative Fluxes (Irradiances) and Aerosol Broadband 
Visible Optical Depths 
The aircraft flux measurements were made by pyranometers on 
the U.K. Meteorological Office Meteorological Research Flight 
C-130. Shortwave upwelling irradiance (flux) and shortwave 
downwelling direct and diffuse irradiances were measured in 
cloud-free conditions over a range of total column aerosol 
loadings and over the depth of the aerosol ayers. As described in 
more detail by Hignett et al. [this issue], the separation of 
downwelling flux into direct and diffuse components was done 
using narrow pillars, known as obscurers, mounted aft of the 
upper pyranometers to block the Sun when the C-130 was flown 
directly downsun. The C-130 pyranometer data cover the 300 to 
3000 nm and 700 to 3000 nm wavelength ranges. Differencing 
the two for the downwelling direct flux produces the broadband 
visible direct flux Iobs(300-700 nm) which was combined with the 
corresponding aerosol-free model value Imod(300-700 nm) by 
Hignett et al. [this issue] to obtain the aerosol broadband visible 
optical depth 6(300-700 nm). Similarly, aerosol-induced flux 
changes were derived by comparing measured 300-3000 nm 
fluxes (direct plus diffuse) with model aerosol-free fluxes. In all 
cases the model-computed fluxes used C-130-measured 
temperature and humidity profiles to account for Rayleigh 
scattering and molecular absorption. Calculations were made for 
the solar zenith angle and altitude of each C-130 flux 
measurement. Hignett et al. [this issue] show that the model used 
for their computations [Edwards and Slingo, 1996] gives 
aerosol-free results that agree very well with their measurements 
for several aerosol-free cases at 6 km altitude. 
3. Calculation Methods 
Figure 2 is a schematic illustration of the sequence used in 
calculating radiative flux changes from optical depth spectra. As 
illustrated in the top frames of Figure 2, aerosol layer size 
distributions are derived from the optical depth spectra using the 
constrained linear inversion technique of King et al. [1978]. The 
derivation requires the real and imaginary refractive index at the 
wavelengths of the optical depth measurements (e.g., 380, 451, 
525, and 1021 nm for AATS-6). 
3.1. Refractive Index Model 
In this work we use approximate refractive index models based 
on the TARFOX results. Hegg et al. [1997] showed the 
following: 
1. Water was the dominant contributor to TARFOX C-131A 
aerosol optical depths, contributing, on average, 51% of aerosol 
optical depth 6(450 nm) for 6(450 nm)>0.2 and 58% for 6(450 
nm) >0.4. 
2. Carbonaceous matedhal (absorbing and nonabsorbing) was 
next most important, contributing 34% of aerosol optical depth 
6(450 nm) for 6(450 nm)>0.2 and 26% for 6(450 nm)>0.4. 
3. Sulfates were the only other significant contributor to 
aerosol optical depths, contributing, on average, 15% of aerosol 
optical depth 6(450 nm) for 6(450 nm)>0.2 and 16% for 6(450 
nm)>0.4. 
4. The mean dry single-scattedhng albedo at wavelength 550 
nm, co(550 nm), was 0.90 (with standard deviation 0.06 and range 
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Figure 1. (a,b) Aerosol optical depth spectra measured by the 14-channel Ames Airborne Tracking 
Sunphotometer (AATS-14)on the Pelican aircraft. (c) Aerosol layer optical depth spectra obtained by 
differencing spectra for minimum and maximum altitudes in Figures l a, lb. (d) Aerosol layer size distributions 
retrieved from the optical depth spectra in Figure l c. Dashed lines in Figure l c are computed from the size 
distributions in Figure l d. 
0.76 to 0.98); the mean upper limit for wet single-scattering 
albedo was 0.94 (with an upper limit range of 0.87 to 0.98). 
(Recall the definitions of wet and dry in section 2.1.4.) Hegg et 
al. [1997] obtained upper limits for wet ro(550 nm) by combining 
wet scattering with dry absorption for each of 39 
scattering/absorption measurement pairs obtained on 14 
TARFOX flights. They did not estimate lower limits for wet 
ro(550 nm), but by assuming each absorption humidification 
factor equal to the associated scattering humidification factor, 
one could obtain lower limits for wet ro(550 nm) equal to the 
corresponding dry og550 nm). See Hegg et al. [1997] for details. 
In addition, Remer et al. [1997, this issue] and Remer and 
Kaufman [1998] showed that skylight scattering measurements 
were well fitted by a model with wet single-scattering albedo 
0.96, although the data scatter supported model wet 
single-scattering albedos ranging from about 0.93 to 0.99 (at 
wavelengths 440 and 670 nm). 
Our refractive index models use the Palmer and Williams 
[1975] results for 62% water/38% sulfuric acid (by weight), with 
imaginary indices m, modified as described below. The rationale 
for choosing the 62% water/38% sulfuric acid proportions is that 
these are the Palmer and Williams proportions that most closely 
approximate the Hegg et al. [1997] water/sulfate proportions (see 
above) in the absence of carbonaceous materials. We account for 
the Novakov et al. [1997] and Hegg et al. [1997] carbonaceous 
materials only by adjusting imaginary indices m, as illustrated in 
Figure 3. In particular, for wavelengths shorter than about 2.5 
p.m, where the Palmer and Williams mi <0.005, we increased m, 
to the value that gave midvisible single-scattering albedo (.o(550 
nm) values of •_0.96, 0.93, 0.90, and 0.86 for typical TARFOX 
RUSSELL ET AL.: AEROSOL-INDUCED FLUX CHANGE COMPARISON 2293 








Flight 1723 Flight 1724 




I f 450.7 525.3 1020.7 
1 1 o.01 0.1 






_ Flight 1731 
--- July 21 
iF ••!-• Flight 1728 • July 7 
ß 11 . 
,. 
O.Ol o.1 1 
I•_ , Flight 1732 
3 •;-',H• ' July 23 2 
1 
0 
Flight 1733 Flight 1734 •, , Flight 1735 
2 July 24 2 -- • ,, uly 25 2 , ,• uly 25 
1 1 t• / s,o. 
L 525.3 
(, / 1020.7 
0 qj,• 0 0 1,-,,,1 ....... J 
O.Ol 1 O.Ol o.1 1 o.1 O.Ol o.1 1 
'-::: 3 3 - Flight 1736 JI • ,_,•, Flight 1737 Flight 1738 
I-• • July 26 2 '•-., July 27 2 I July 29
,,1 "•••t • (nm) 
•u. • 
1 1 450.7 
525.3 
, ..... I 0 ,,I , , ........... ,,,! 0 ,,,I .... ' 1•:•,,,I . 
0.01 0.1 1 0.01 0.1 I 0.01 0.1 I 
AEROSOL OPTICAL DEPTH 
Plate 1. Vertical profiles of aerosol ptical depth measured by the six-channel Ames Airborne Tracking 
Sunphotometer (AATS-6) on C-131A ascents. 





]l[ Eliaht July 
ß ., ,•, 17.53 10 
--- •[• O 1724 14 '-- 
- • 1728 17 
_ • •i•. X 1730 20 - '" El 1731 21 - 
- •'• - ,, • • - 
0.3 0.4 0.5 1 1.2 
WAVELENGTH (•m) 




















F1724, 14 Jul 
F1723, 10 Jul 
0.01 0.1 I 10 
PARTICLE RADIUS (•m) 
Plate 2. (a) Aerosol layer optical depth spectra obtained by differencing profile bottom and top values in 
Plate 1. (b-d) Aerosol ayer size distributions retrieved from the optical depth spectra in Plate 2a. Dashed lines 
in Plate 2a are computed from the size distributions in Plates 2b-2d. (e) Aerosol layer optical depth spectra 
obtained by differencing profile bottom and top values in Plate 1. (f-h) Aerosol layer size distributions 
retrieved from the optical depth spectra in Plate 2e. Dashed lines in Plate 2e are computed from the size 
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Figure 2. Schematic illustration of the procedures used to compute direct aerosol-induced radiative flux 
changes from sunphotometer measurements and model refractive index spectra. 
size distributions. The corresponding values of mi are 0.005, 
0.007, 0.010, and 0.017 (See Tables la, lb). The resulting real 
and imaginary refractive index spectra re shown in Figure 3. 
3.2. Aerosol Optical Properties Across the Solar Spectrum 
Using a refractive index model from Figure 3 in the 
constrained linear inversions [King et al., 1978] yields an 
estimated size distribution for each aerosol optical depth 
spectrum, as exemplified by the top frames of Figure 2. Plates 
2b-2d, 2f-2h, and Figure l d show the size distributions thus 
retrieved from the aerosol ayer optical depth spectra in Plates 2a 
and 2e and Figure lc. Each size distribution is then used with the 
refractive index spectrum across the solar spectrum to calculate 
the corresponding spectra of single-scattering albedo to, 
scattering asymmetry parameter g, and optical depth rS. In this 
work, the solar spectrum is split into eight wavelength bands 
centered at 350, 450, 550, 650, 1000, 1600, 2200, and 3000 nm, 
with widths 100, 100, 100, 100, 600, 500, 700, and 1500 nm, 
respectively. Examples of the resulting to, g, and t5 spectra are 
shown in the bottom left frame of Figure 2. These spectra permit 
calculation of the radiative flux changes caused by the aerosol 
layer. 
Before describing the methods used to calculate radiative flux 
changes we comment briefly on the probable errors in the size 
distributions and, more importantly, the to, g, and t5 spectra 
derived by the above methods. There is an extensive literature on 
the accuracy of particle size distributions derived from optical 
depth spectra by constrained linear inversion and other 
techniques. In brief, these previous studies show that the 
retrieved size distributions are not unique but that they tend to be 
better constrained in the range of particle radii which contributes 
most to optical depth (-0.2 to 1 gm for the cases considered here) 
than for smaller and larger radii, which contribute less optical 
depth, in particular, amounts comparable to or less than the 
measurement error (compare the error bars in Plates 2a, 2e). The 
degree of nonuniqueness in retrieved size distributions can be 
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Figure 3. Refractive index spectra for 62% water/38% sulfuric acid (solid lines [Palmer and Williams, 1975]) 
and the modifications (dashed lines) used to derive aerosol size distributions and w, g, 8 spectra from 
sunphotometer-measured optical depth spectra. 
indicated to some extent by error bars (e.g., in Plates 2b-2d, 2f-2h 
and Figure l d) generated by uncertainty analyses performed as 
part of the size distribution retrieval. (The dashed optical depth 
curves in Plates 2a, 2e are computed from the corresponding 
retrieved size distributions shown in Plates 2b-2d and 2f-2h.) 
However, as has been recently emphasized by Gonzales Jorge 
and Ogren [1996], such size distribution error bars do not 
necessarily characterize the full range of possible solutions, and 
they give no information about particle numbers for radii outside 
the limits of the retrieval (-0.02 to 9 [xm in Plates 2b-2d, 2f-2h 
and Figure ld). As a result, size distribution integral properties 
sensitive to the numbers of very small or very large particles 
(e.g., total particle number and, in some cases, total surface area 
or volume) can be retrieved with poor accuracy, and moreover, 
the accuracy may be poorly characterized by error bars based on 
the range of retrieved size distributions. 
Because the size distributions retrieved here are intermediate 
products used only to derive w, g, and 8 spectra, the accuracy of 
the size distributions is less important han the accuracy of the w, 
g, and 8 spectra. Especially important for our purposes is the 
accuracy of the g spectrum. This is because g has a strong 
influence on aerosol hemispheric upscatter, a prime determinant 
of radiative forcing [Russell et al., 1997]. Whereas ro and 8 also 
influence radiative forcing strongly, they are constrained in our 
approach (Figure 2) by relatively direct measurements. (For w 
the constraints are the skylight measurements of Remer et al. 
[1997, this issue] and Remer and Kaufman [1998] and the 
chemical and dry w measurements of Hegg et al. [1997] and 
Novakov et al. [1997]. For 8 the constraint is the sunphotometer 
measurements.) Gonzales Jorge and Ogren [1996] have recently 
investigated the accuracy of many integral properties, including 
g, retrieved from optical depth spectra via the intermediate step 
of constrained linear inversions to get particle size distributions. 
They show that of all integral properties considered (including 
total particle number, surface area, volume, effective radius, 
backscatter-to-total scatter ratio, asymmetry factor, and mass 
scattering efficiency), the asymmetry factor g was retrieved most 
accurately, with errors less than 8% even when realistic errors in 
refractive index were included (as well as various internal and 
external mixtures of absorbing and nonabsorbing particles). We 
thus conclude that the g spectra retrieved by the method of Figure 
2 are likely to be accurate enough to proceed with radiative 
transfer calculations, and the ro and 8 spectra are likely to be 
accurate enough because of the experimental constraints cited 
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above. Of course, an important test of the validity of these 
contentions will be the overall agreement between radiative flux 
changes obtained by these methods and derived from radiative 
flux measurements (as shown below). 
3.3. Radiative Transfer Calculation Methods 
Each flux change reported in this paper is the difference in flux 
between a case with aerosols present and the same case (i.e., 
same solar zenith angle, altitude, Rayleigh scattering, molecular 
absorption) without aerosols. We use several methods for the 
radiative-transfer calculations, in part to investigate the 
sensitivity of results to computational approach. In each of our 
methods (called A, B, and C) the solar energy incident at aerosol 
layer top consists of direct and diffuse components, each 
transmitted through an overlying midlatitude summer atmosphere 
that includes Rayleigh scattering and water vapor, ozone, and 
carbon dioxide absorption. Calculations are made for eight 
wavelength bands spanning 0.3 to 4.0 I. tm (see section 3.2 for 
band centers and widths). The diffuse component is treated as 
isotropic over the downward hemisphere. For purposes of 
choosing the model incident flux, the aerosol layer top is 
assumed at 3 km, which was a typical situation in TARFOX (see 
Plate 1). 
Above an aerosol layer the dominant term in the aerosol 
radiative forcing (difference in net, downwelling minus 
upwelling, flux) is the change in upwelling flux [Russell et al., 
aerosol layer, and Rs is the reflectivity of the surface, both for 
radiation incident at the solar zenith angle 00. Rl and R a are the 
reflectivities of the aerosol ayer and atmosphere above that layer, 
respectively' overbars denote quantities averaged over zenith 
angles of incident radiation. Overbars occur because the 
corresponding reflectivities or transmissions apply to radiation 
that has been reflected from the surface 1 or more times. Our 
formulation assumes that this surface reflection is diffuse. To 
compute the R and T values in equation (1), we use the aerosol 
layer transmission and reflection equations called model 1 by 
Coakley and Chylek [ 1975]. The result for the diffuse component 
of incident radiation isobtained by replacing F,l, tl in (1) with its 
diffuse component and replacing T/ and P• by T/ and R s, 
respectively. As with methods A and B, method C assumes no 
Rayleigh scattering or absorbing ases in the aerosol layer; hence 
the aerosol-free case for F,•s is F,•tl. 
4. Results 
4.1. Calculated Flux Changes 
We have calculated aerosol radiative flux changes for several 
days on which TARFOX measurements of aerosol properties and 
effects were made. Tables l a and lb list the dates for which 
method A, B, and C calculations have been made. Note that 
these cases include a wide range of midvisible optical depths 
1997]. We calculate this upwelling flux change by two methods, (6(550 nm) = 0.06 to 0.55) and wavelength dependences. The 
which we call A and B. Method A uses the simplified r sult 'wavelength dependence is indicated in Tables l a, lb by the 
given by Russell et al. [1997, equation 5']. Method B uses the 
aerosol layer transmission and reflection equations called model 
1 by Coakley and Chylek [1975] in the multiple-reflection 
equation of Russell et al. [1979]. Example results are shown in 
the bottom right frame of Figure 2. Russell et al. [1997] 
compared flux changes calculated by methods A and B to those 
calculated by the more accurate adding-doubling (AD) technique. 
For nonabsorbing to moderately absorbing aerosols (to = 1.0 to 
0.9) over a dark surface like the ocean surface in TARFOX 
(surface albedo 0.03 to 0.07), instantaneous daytime flux changes 
calculated by methods A and B agree with AD results to within 
about 14 W m -2 x6(550 nm), or about 12%, though percentage 
differences are considerably less for solar zenith cosines between 
about 0.3 and 0.6 (see Russell et al. [1997] for details). To 
maintain simplicity, methods A and B assume no Rayleigh 
scattering or absorbing gases within the aerosol ayer. Hence the 
aerosol-free case for the upwelling flux at the layer top is the 
surface albedo times the downward flux incident at the layer top 
(z = 3 km, as noted above). 
Below an aerosol layer overlying a low-albedo surface, the 
dominant erm in the aerosol radiative forcing is the decrease in 
downwelling flux. We calculate downwelling flux changes by a 
method we call method C. Method C uses a multiple-reflection 
result adapted from that derived by Chylek and Wong [1997]. 
Specifically, we modify Chylek and Wong's equation (1) to put 
the base of the aerosol layer at the surface and to account for 
reflections between the aerosol layer and the overlying 
atmosphere. The result for the case where all incident radiation is 
in the direct beam is 
r•t• r• F,•s= 
1- R•(R• +T• Ra) ' (1) 
where F,•s and F,•tl are downwelling fluxes at the surface and the 
top of the aerosol ayer, respectively. T t is the transmission of the 
wavelength exponent a(350 nm, 1000 nm), defined by 
(•(/•1) / (•(/•2) = [/•1 //•2 ]-a(gq ,3,2 ) (2) 
a(•l, •2) _- ln[6(•) / 6(•2)] (3) 
ln(• / •2) 
(Note that a(350 nm, 1000 nm) is only an approximate indicator 
of optical depth wavelength dependence, since the optical depth 
spectra sometimes deviate significantly from a ,•-• dependence 
with a constant for all/•.) 
Figure 4 shows results of method B calculations for the change 
in upward flux above the aerosol layer and results of method C 
calculations for the change in downward flux (direct plus diffuse) 
below the layer, both calculated using the refractive index model 
of Figure 3 with m,=0.005 for /•<2.5 I.tm. These results are 
expressed as flux changes per unit optical depth and are shown as 
a function of •0, the cosine of solar zenith angle 00. The 
day-to-day difference in results is caused primarily by differences 
in particle size distribution and wavelength dependence of optical 
depth (the former being derived from the latter in methods A-C). 
The different size distributions produce somewhat different 
single-scattering albedo spectra to(/•), though all distributions 
with a(350 nm, 1000 nm)>l.4 have similar dependences of 
to(550 nm) on m, (see columns 9-12, Tables la, lb). Some of the 
day-to-day difference in flux change per unit optical depth is also 
caused by optical depth differences, because the flux changes are 
not exactly a linear function of optical depth (see, for example, 
Russell et al. [1997] and below). 
The upward and downward flux changes in Figure 4 appear as 
mirror reflections of one another except that the magnitude of the 
negative downward flux changes exceeds that of the positive 
upward flux changes by about 40 to 55 W m '2. This difference is 
caused by absorption in the aerosol layer corresponding to the 
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Figure 5a shows how the cosine of solar zenith angle #0 varies 
v;,ith time of day for July 25, 1996, at 38.7øN, 74.2øW (the 
location of a C-131A profile; see Table la). Also shown are the 
ocean surface albedo derived from the Glew et al. [1998] and 
Taylor et al. [1996] fit to C-130 data, as well as the hemispheric 
upscatter fraction • for the aerosol sampled in the July 25 profile. 
The latter is shown for the wavelength 700 nm, which 
approximately bisects the solar energy spectrum for a wide range 
of zenith angles. Note that • varies by a factor 4 over the range 
of times shown. 
Figure 5b shows upward flux changes above the aerosol ayer 
as computed by both methods A and B for the eight TARFOX 
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Figure 5. (a) Cosine of solar zenith angle, hemispheric upscattering coefficient for wavelength 0.7 gm, and 
surface albedo, all for 25 July, 38.7øN, 74.2øW. (b) Change in upwelling flux at top of aerosol layer derived 
for several TARFOX days with methods A and B using the refractive index model of Figure 3 with m,=0.005 for 
2<2.5 gm. 
flights listed in Tables la, lb, again assuming mi = 0.005 for 
g<2.5 I, tm (hence 60(550 nm)=0.95 to 0.96 for the particle size 
distributions with o•>1.4. Each day's results are for a 
time-independent aerosol derived from a layer optical depth 
spectrum shown in Plate 2, measured in a C-131A or Pelican 
profile flown between the times shown in Table la, lb. Thus all 
the time dependence in flux change results from the changing 
solar zenith angle (which causes the changes in/5 and R, shown in 
Figure 5a). The midday minimum in upward flux change results 
from the midday minimum in/5. The sunrise and sunset minima 
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result from depletion of incident radiation, caused both by the 
overlying Rayleigh-scattering atmosphere and the upper parts of 
the aerosol ayer itself. 
4.2. Comparison of Calculated and Measured Flux Changes 
In this section we compare our calculations of flux change 
versus aerosol optical depth to analogous results derived from the 
C-130 flux measurements by Hignett et al. [this issue]. We chose 
July 25 and 27 for the comparisons because those days had the 
minimum distance (-1 ø of latitude or longitude; see Tables la, 
lc) between the C-131A flights (which provided the 
sunphotometer optical depth spectra) and the corresponding 
C-130 flights (which measured radiative fluxes and derived the 
corresponding broadband visible aerosol optical depths, as 
described in section 2.3). For these comparisons we use 24-hour 
average flux changes and broadband visible aerosol optical 
depths, because those are the forms used by Hignett et al. [this 
issue] to present their results. As noted by Hignett et al., they 
chose to report 24-hour average flux changes, both as a means of 
separating out the dependence of instantaneous flux changes on 
solar zenith angle (and thereby focusing on the aerosol optical 
depth dependence) and as a means of showing what the aerosol 
effects would be if a given optical depth persisted for the full 
sunlit period of a day. Hignett et al. [this issue] converted their 
instantaneous flux changes to 24-hour average values using an 
empirical fit to the zenith angle dependence they measured on 
July 27. They chose July 27 because the range of solar zenith 
angle, 180<00<48 ø, 0.95>/,to>0.67 for their flux measurements was 
sufficiently great on that day. In fact, their measured dependence 
of A F,I, on/.t o (their Figure 4) is very similar to our calculated 
dependence for July 25 and 27, shown in our Figure 4. It is 
significant that we obtain a very similar zenith angle dependence 
on July 25 and 27, because the C-131A optical depth wavelength 
dependences and retrieved size distributions differed significantly 
on those two days (see, for example, the two {x(350, 1000 nm) 
values, 1.6 and 2.3, in Table l a, and the size distributions in Plate 
2g). 
Figure 6 compares our calculated flux changes to the Hignett 
et al. [this issue] results derived from the C-130 flux 
measurements. The curves in Figure 6a show results for 24-hour 
average upward flux changes as a function of •Sbe•o,•, the aerosol 
optical depth below the flux measurement; the curves in Figure 
6b give analogous results for 24-hour average downward flux 
changes as a function of tSab .... the aerosol optical depth above the 
flux measurement. The calculations use the retrieved size 
distributions for C-131A flights 1735 and 1737 (July 25 and 27; 
compare Table l a) and three different values of imaginary 
refractive index (mi = 0, 0.007, 0.017) for )•<2.5 gm, which 
yielded the 00(550 nm) values shown in Figure 6. (Values for 
00(550 nm) shown in Figure 6 are the average of values for the 
July 25 and 27 size distributions with a given mi; differences 
between 00(550 nm) for July 25 and July 27 with a given mi were 
< 0.004. See Table la.) 
For each day and 00(550 nm) value in Figure 6a or 6b, two 
calculated curves are shown, one passing through the origin and 
one passing to the fight of the origin and merging with the former 
curve. As explained in Appendix B, the curves passing through 
the origin were calculated by methods B and C (section 4.1), 
whereas the curves passing to the right of the origin were 
calculated by modifications, called methods B' and C', which 
attempt to better represent he situation during the C-130 aircraft 
flux measurements. In particular, they account for the fact that 
aerosol optical depth above or below the C-130 was typically 
varied by moving the aircraft vertically, rather than by changing 
the overall optical depth of the aerosol ayer (see Appendix B for 
details). 
The horizontal axes in Figure 6 are broadband visible aerosol 
optical depths above or below the C-130, tS•w(300-700 nm) or 
•o,•(300-700 nm), obtained from the occulted pyranometers a  
described by Hignen et al. [this issue] (see also section 2.3). In 
calculating t5(300-700 nm) values to plot our curves in Figure 6, 
we weighted spectral optical depths by the solar spectrum below 
or above the aerosol, in an effort to simulate the weighted 
averaging done by the pyranometers. 
For a given value of 00(550 nm) in Figure 6 the difference in 
slope between the July 25 and the July 27 curves results from the 
different size distributions obtained from the C-131A 
sunphotometer measurements on the two days. Specifically, the 
wavelength dependence of sunphotometer optical depth was 
steeper on July 27 than on July 25 (see Plate 2e and the {x values 
in Table l a). This implies a smaller aerosol effective radius on 
July 27 (see Plate 2g) and hence less forward peaking of the 
scattering phase function, leading to larger hemispheric 
upscattering coefficients on July 27. Thus for a given broadband 
visible optical depth in Figure 6, the July 27 size distribution 
produces a larger increase in AF• (Figure 6a) and a larger 
decrease inAFt, (Figure 6b), compared toJuly 25. These July 
25-27 differences become less as single-scattering albedo 
decreases and scattering becomes less important compared to 
absorption, especially for AFt,. 
The data points in Figure 6 show the 24-hour average flux 
changes derived from C-130 flux measurements by Hignett et al. 
[this issue], each plotted at the corresponding broadband visible 
aerosol optical depth. The error bar (cross) in each frame shows 
the uncertainty estimated by Hignett et al. [this issue] for 24-hour 
average flux changes (+2 W m '2) and for broadband visible 
optical depths (+0.03) determined from the C-130 measurements 
(i.e., the data points in Figure 6). 
Although there is a fair amount of scatter in the data in Figure 
6 (which can result at least in part from variations in aerosol 
composition and relative size distribution above and below the 
C-130), the range of the calculated curves brackets the range of 
data points rather well. Moreover, for the downward flux 
changes in Figure 6b, it is clear that some curves fit the data 
better than others. In particular, the curves with 6o(550 nm)- 1.0 
tend to underestimate m asured AF,I, (i.e., they are too close to 
AF,•=0), and those with 6o(550 nm)= 0.86 tend to overestimate 
measured AFt,. Comparison of the curves and data points in 
Figure 6b suggests a "best fit" value for 6o(550 nm) between 
0.935 and 0.86. In fact, chi-square minimization analyses of 
Figure 6b give best fit 6o(550 nm) values of 0.89 and 0.91 for 
July 25 and 27, respectively. 
The scatter of data points in Figure 6a for AF• is larger in 
comparison to the 6o(550 nm) dependence of the model curves 
than the case for AFt, in Figure 6b. This larger scatter is 
consistent with the larger relative uncertainty in the AF? 
measurements, shown by the error bar in Figure 6a. (Though 
absolute uncertainties forAF• and AF,• are the same (+ 2 W m'2), 
the relative uncertainties forAF'[' are larger; note the expanded 
scale for AF'[' in Figure 6a compared to AF,I, in Figure 6b.) Thus 
the AF'[' values in Figure 6a do not allow selection ofa best fit 
(.o(550 nm) with the selectivity possible for the AF,I, comparison 
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Figure 6. Comparison between aerosol-induced shortwave flux changes determined from C-130 
measurements (data points) and calculated for size distributions retrieved from sunphotometer optical depth 
spectra for two days and the refractive index model of Figure 3. Values of m, for ;t < 2.5 grn were varied to 
produce the to(550) values hown. (a) Change inupwelling flux as a function ofSUelow, the aerosol ptical depth 
below the flux measurement. (b) Change indownwelling flux as a function of 8au .... the aerosol optical depth 
above the flux measurement. All results are for 24-hour average flux change. Optical depths are broadband 
visible values (averaged over 300-700 nm). The error bar (cross) in each frame shows the uncertainty in flux 
change and broadband visible optical depth determined from C-130 measurements. Appendix Bexplains the 
distinction between curves that pass through t e origin (calculated bymethods B and C) and those that pass to 
the right of the origin (methods B' and C'). 
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in Figure 6b. Nevertheless, the comparison in Figure 6a does 
show that the AF'[' calculations and measurements are consistent 
within the measurement and modeling uncertainties. 
5. Comparison to Other Radiative Calculations 
Figure 7 shows the analogous comparison between 24-hour 
average flux changes from U.K. C-130 measurements (i.e., the 
same data points as in Figure 6) and curves calculated by Hignett 
et al. [this issue] using an approach (here called method H) which 
is independent of methods A-C. Table 2 summarizes the main 
features of the various methods. In brief, method H uses 
accumulation mode aerosol size spectra measured by the U.K. 
C-130. For refractive indices it uses the ELSIE program of 
Lowenthal et al. [1995], which assumes that the aerosol particles 
are an internal mixture of specified constituents and computes 
refractive indices from the indices of the constituents and their 
relative amounts. The specified constituents are based on the 
composition results of Novakov et al. [1997] and Hegg et al. 
[1997]. For radiative calculations, method H uses a new flexible 
radiative transfer model [Edwards and Slingo, 1996; Taylor et 
al., 1996]. For this application the solar spectrum is divided into 
220 bands and a delta-Eddington routine used for the calculation 
of radiative fluxes. The aerosol-induced radiative flux change is 
then defined to be the difference between the case with aerosol 
particles present and that without. The vertical resolution is 
approximately 10 mbar with full account taken of multiple 
reflection between the aerosol layer and the overlying 
atmosphere, as well as between the aerosol and the surface. 
As explained more fully by Hignett et al. [this issue], the 
calculated curves in Figure 7 assume different aerosol 
compositions. The composition called "TARFOX dry" is an 
internal mixture of 50% ammonium sulfate, 45% organic carbon, 
and 5% black carbon, chosen to approximate the TARFOX 
aerosol composition and absorption measurements of Novakov et 
al. [1997] and Hegg et al. [1997]. The compositions called 
"TARFOX 80% RH" and "TARFOX 90% RH" are calculated by 
the ELSIE program using the TARFOX dry composition and the 
specified relative humidity (RH) values; ELSIE also computes 
the corresponding complex refractive index spectra using dry 
constituent refractive index spectra from references given by 
Hignett et al. [this issue]. The "ammonium sulfate dry" and 
"ammonium sulfate 80% RH" refractive index spectra are 
calculated analogously. They represent a nonabsorbing aerosol, 
in contrast to the TARFOX-absorbing aerosol models. 
Specifically, the w(550 nm) values for the "ammonium sulfate 
dry," and "ammonium sulfate 80% RH" models are 1.00, 
whereas they are 0.96, 0.93, and 0.86, respectively, for the 
"TARFOX 90% RH," "TARFOX 80% RH," and "TARFOX dry" 
models. (These values were calculated using relative size spectra 
measured on the C-130 on July 25 and 27; because the relative 
spectra were similar, day-to-day differences in o)(550 nm) values 
were negligible.) Note that the "TARFOX 90% RH" and 
"TARFOX 80% RH," w(550 nm) values, 0.96 and 0.93, are 
similar to the Remer et al. [1997, this issue] and Remer and 
Kaufman [1998] skylight result w(550 nm)•.0.96+0.03. Also, the 
"TARFOX dry," w(550 nm) value, 0.862, is well within the 
range of dry values reported by Hegg et al. [1997] and close to 
their mean value of 0.90. 
The two ammonium sulfate calculations (dry and 80% RH) 
both have no aerosol absorption (m, = 0, (.o = 1). These 
calculations tend to underestimate the measured downward flux 
changes (i.e., the calculated negative flux change is too close to 
zero). Conversely, the dry TARFOX aerosol model has too much 
absorption (w(550 nm)= 0.862, significantly smaller than the 
Rerner et al. [1997, this issue] and Rerner and Kaufman [1998] 
skylight result w(550 nm)•-0.96+0.03). The flux changes 
calculated from this composition tend to overestimate the 
measured ownward flux changes. 
The fact that the calculated curves in Figure 7 do not pass 
through the origin bears explaining. The explanation is very 
similar to that in Appendix B. In particular, note that the abscissa 
in Figure 7b is the aerosol optical depth above the measured flux 
change. Often, obtaining measurements at different aerosol 
optical depths above the C-130 was done by varying the C-130 
altitude. For example, increasing C-130 altitude to reduce the 
aerosol optical depth above the C-130 increases the aerosol 
optical depth below the C-130. The calculations of Hignett et al. 
[this issue] shown in Figure 7 account for this opposite variation 
in aerosol optical depth above and below the aircraft. Thus, for 
example, the calculated values in Figure 7b for zero aerosol 
optical depth above the aircraft are the difference between an 
aerosol-containing case (with the full aerosol layer optical depth 
below the aircraft) and an aerosol-free case. The aerosol below 
the aircraft scatters radiation upward to the overlying 
Rayleigh-scattering atmosphere, which scatters some of it 
downward. Thus the downward flux above the aerosol layer 
exceeds the downward flux for the aerosol-free case. The model 
curves in Figure 7b therefore have a positive flux change at zero 
aerosol optical depth above the C-130. Analogous reasoning 
explains why the model curves in Figure 7a also do not pass 
through the origin. 
These comparisons show that computed flux changes are 
sensitive to aerosol absorption changes within the range usually 
considered for urban-industrial aerosols (i.e., 0.85 < ro < 1) [e.g., 
Heintzenberg et al., 1997; Horvath, 1993]. More importantly, 
they show that computed flux changes agree best with measured 
flux changes when the aerosol absorption used in the 
computations is that derived from TARFOX aerosol 
measurements. 
Although a full examination is beyond the scope of this paper, 
we comment briefly on a comparison between the curves in 
Figures 6 and 7. For downward flux changes (Figures 6b and 7b, 
calculated by methods C' and H, respectively) the results are very 
similar (differences <1 W m -2) when method C' uses the 
sunphotometer-retrieved size distribution for July 27. The 
sunphotometer-retrieved size distribution for July 25 has 
relatively more large particles (see Plate 2g) and hence more 
forward peaked scattering and less depletion of downwelling 
flux, thus explaining the difference between the July 25 and the 
July 27 calculations in Figure 6b. For upward flux changes 
(Figures 6a and 7a, calculated by methods B' and H, 
respectively), method B' also gives best agreement with method 
H when method B' uses the sunphotometer-retrieved size 
distribution for July 27. However, the differences between 
methods B' and H (upward flux changes) exceed those between 
methods C' and H (downward flux changes), especially for 
broadband optical depths exceeding 0.3. 
For a broadband optical depth of 0.28 (the largest value 
measured for upward flux changes), the relative difference in 
upward flux change (H minus B' for July 27) is about 1 W m-2/16 
W m -2, or 6%, for the nonabsorbing case (w(550 nm)= 1.00); it 
is about 1 W m-2/11 W m -2, or 9%, for the most absorbing case 
(6o(550 nm)= 0.86). For broadband optical depth 0.4 the 
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Figure 7. Comparison between aerosol-induced shortwave flux changes determined from C-130 
measurements (data points) and calculated by method H for several aerosol compositions. (a) Change in 
upwelling flux above aerosol. (b) Change in downwelling flux below aerosol. All results are for 24-hour 
average flux change. The error bar (cross) in each frame shows the uncertainty in flux change and broadband 
visible optical depth determined from C-130 measurements. 
corresponding differences are about 3 W m-2/24 W m -2, or 13%, 
and 2.5 W m-2/17 W m -2, or 15%, respectively. All these 
differences are similar to those obtained by Boucher et al. [1998] 
in their comparison of methods for calculating aerosol-induced 
flux change (see, e.g., their Figures 2 and 3). This is so even 
though the Boucher et a l. [1998] comparison used an identical 
wavelength-independent refractive index (1.40-0.0i) for all 
calculations and strove to make size distributions as similar as 
possible. The results in Figures 6a and 7a use different size 
distributions and different wavelength dependences of complex 
refractive index and optical depth. These differences are in 
addition to those in wavelength resolution and vertical resolution, 
plus radiative solving methods (two-stream for method B' versus 
delta Eddington for method H), which are the focus of Boucher et 
al. [1998] (see their Table 2). Thus the results in Figures 6a and 
7a can be expected to differ by at least as much as the typical 
differences in the work of Boucher et al. [1998]. The important 
point in comparing Figures 6 and 7 is that despite numerous 
differences in computational pproach, both figures lead to the 
same conclusion, namely, that measured and calculated 
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Table 2. Summary Of Optical/Radiative Calculation Methods 
Optical depth 
Size distribution 
Real refractive index 
Imaginary refractive index 
Flux changes 
Methods A, B, C 
measured by tracking sunphotometer (380, 451,525, 
1021 nm (AATS-6) or 380,448, 453, 499, 525,605, 
667,779, 864, 1019, 1558 nm (AATS-14)) 
inverted from optical depth spectrum 
62% H20/38% H2SO 4 [Palmer and Williams, 1975] 
based on composition from Novakov et al. [1997] and 
Hegg et al. [1997] 
as above but increased to yield 0)(550 nm) -- 0.96 to 
0.86 [Remer et al., 1997, this issue; Remer and 
Kaufman, 1998; Higherr et al., this issue] 
A, Russell et al. [ 1997] 
B, Coakley and Chylek [1975], Russell et al. [1979] 
C, this work, equation (1) [Chylek and Wong, 1997; 
Coakley and Chylek, 1975] 
Method H 
[Hignett et al., this issue] 
, 
measured by occulted pyranometers (300-700 
nm average) 
measured by optical particle counter 
ELSIE [Lowenthal et al., 1995] based on 
aerosol composition from Novakov et al. 
[1997] and Hegg et al. [1997] 
as above 
Edwards and Slingo [ 1996] 
downward flux changes agree best for co(550 nm) between about 
0.89 and 0.93 and that measured and calculated upward flux 
changes are consistent for this same range of single-scattering 
albedos 
6. Summary and Conclusions 
Calculations of aerosol radiative flux changes based on 
TARFOX-measured aerosol properties yield upward flux changes 
in the range 40 to 130 W m '2 per unit midvisible optical depth. 
The actual instantaneous upward flux changes range from about 
14 to 48 W m -2 for midvisible optical depths from 0.2 to 0.55. 
These values are about 30 to 100 times larger than the 
global-average direct forcing of about-0.5 W m '2 expected for 
the global-average sulfate aerosol optical depth of 0.04. The 
reasons for the larger flux changes in TARFOX include the 
relatively large optical depths and the focus on cloud-free, 
daytime conditions over a relatively dark surface. These are the 
conditions that produce major aerosol radiative forcing events 
and contribute to any global-average climate effect. 
The range of flux change values determined from C-130 
measurements, and the dependence of these flux changes on 
aerosol optical depth, both agree with changes calculated by 
methods A-C and H. It is significant hat methods A-C and H are 
independent, using different approaches to determine aerosol size 
distribution and refractive index, as well as different radiative 
transfer techniques. This agreement helps to develop confidence 
in radiative forcing calculations based on measured aerosol 
properties. The relatively simplicity of methods A-C is 
encouraging, in that global numerical model calculations of 
climate can usually accommodate only simplified radiative 
calculations. 
The comparisons hown here are in a sense statistical, in that 
the calculations use height-independent size distributions and a 
single TARFOX-average model for aerosol composition. The 
calculated flux changes were compared to measured flux changes 
only as a function of optical depth, without regard to 
spatiotemporal variations in particle size distribution and 
composition (hence single-scattering albedo and asymmetry 
parameter). The TARFOX data set reveals many local variations 
in particle size distribution and composition. In particular, 
Novakov et al. [1997] show a systematic increase in aerosol 
carbonaceous fraction with increasing height. More detailed 
comparisons of calculated and measured flux changes that 
account for the local variations of composition, and possibly of 
size distributions, might be able to explain some of the data 
scatter in Figures 6 and 7 and provide more detailed tests of 
closure. However, issues of nonsimultaneity between the 
radiative measurements and the composition/size measurements 
are likely to make such detailed comparisons inconclusive. By 
far, the more important point is the agreement obtained here 
between the overall dependence of downward and upward flux 
change on optical depth, as obtained from radiative flux 
measurements on one hand and from calculations based on 
measured aerosol properties on the other. 
Appendix A: Characteristics of Airborne 
Sunphotometer Optical Depths 
The sunphotometer-measured optical depths shown in Plate 1 
are the sum of contributions from aerosols and any clouds present 
on the aircraft-to-Sun viewing path at the time of the 
measurement. In a horizontally homogeneous, time-invariant 
atmosphere an optical depth profile must decrease monotonically 
with increasing height. However, there are many instances in 
Plate 1 where optical depth appears to increase with increasing 
height. These increases are caused by aerosol plumes or patches, 
contrails, or other cloud structures intercepted intermittently by 
the aircraft-to-Sun line of sight as the airplane ascends or 
descends (typically in a spiral), and the aerosol and cloud 
structures are carried by the wind. These aerosol and cloud 
structures are a common feature of the TARFOX Intensive Field 
Campaign, as demonstrated by many lidar vertical cross sections 
[e.g., Ismail et al., 1997]. 
Because TARFOX is an aerosol study, the sunphotometer data 
in Plate 1 have been processed through a first-order cloud screen 
that deletes points with obvious cloud contamination. However, 
this first-order cloud screen, which is based on transmitted beam 
signal strength, does not eliminate all data points affected by thin 
cirrus clouds and some contrails, which were present for portions 
of many TARFOX flights. Effects of contrails are often evident 
as transient increases in optical depth, which appear as spikes in 
the vertical profiles for flights 1728 and 1736 in Plate 1. More 
difficult to recognize in the data are the effects of the more 
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extensive and uniform thin cirrus veils. A major example of this 
type of cloud contamination is given by flight 1731 in Plate 1. 
Operator notes in the flight log [Whiting et al., 1996] show that 
thin cirrus was present almost hroughout the flight. Our best 
judgment, based on these operator notes and also the fine 
structure of derived optical depths (measured by the standard 
deviation of the nine samples in a 3-s period), is that all the 
optical depths in the flight 1731 profile in Plate 1 have cirrus 
contamination, with the exception of the local minimum values at 
altitudes 0.03, 1.45, and 2.55 km. Because of this, the optical 
depth values from altitudes 0.03 and 2.55 km were chosen as 
aerosol ayer bottom and top values; these were differenced to 
obtain the flight 1731 aerosol layer optical depths hown in Plate 
2a. In general, care must be taken that airborne sunphotometer 
data used to obtain extinction or layer optical depths are from 
altitudes for which the aircraft-to-Sun line of sight is free of 
contamination by clouds or transient aerosol patches. Thus when 
the sunphotometer optical depth profile contains apparent 
increases with increasing height, the sunphotometer values used 
for such purposes must be from heights unaffected by such 
transient increases. For such profiles, this can often mean using 
only those sunphotometer optical depths that occur in local 
minima (examples are flights 1723 and 1734 in Plate 1). 
Appendix B' Modifying Simple Flux-Change 
Calculations to Describe the Aircraft 
Measurement Situation 
The curves in Figure 6 which pass through the origin were 
calculated by methods B and C, as described in section 4.1. 
Those that pass to the right of the origin were calculated by 
variants, called methods B' and C', which attempt to better 
represent he situation during the aircraft flux measurements, in 
particular, the fact that aerosol optical depth above or below the 
aircraft was typically varied by moving the aircraft vertically, 
rather than by removing aerosol from the system or adding it. 
Method B calculates upwelling flux change at the aerosol layer 
top as a function of aerosol layer optical depth. With regard to 
aircraft flux measurements, it thus describes the situation in 
which the flux change is always measured at the aerosol layer 
top, and the aerosol optical depth below the measurement l•belo w is 
reduced by removing aerosol from the layer. Analogously, 
method C calculates downwelling flux change at the aerosol layer 
bottom as a function of aerosol layer optical depth. With regard 
to aircraft flux measurements, it thus describes the situation in 
which the flux change is always measured at the aerosol layer 
bottom, and the aerosol optical depth above the measurement 
tSabove is reduced by removing aerosol from the layer. The method 
B and C curves pass through the origin because they describe the 
flux difference between an aerosol-containing case and an 
aerosol-free case, and the cases with tSbe•ow = 0 or tSabove = 0 are 
identical to the aerosol-free case; hence the associated flux 
difference is zero. 
Methods B' and C' were developed to describe a somewhat 
different situation that applies to the aircraft flux measurements. 
Typically, the aircraft made tSa•ove approach zero by ascending to
the aerosol layer top and made 8oe•ow approach zero by descending 
to near the surface. Hence flux measurements made with tSabov• -- 
0 had the full aerosol layer present below the airplane, and those 
with tSb•ow - 0 had the full aerosol layer present above the 
airplane. Relative to the aerosol-free case, the aerosol-containing 
case has increased upwelling flux at the layer top and decreased 
downwelling flux at the layer bottom (as shown in Figure 6a and 
6b, respectively). Because the albedos of the overlying aseous 
atmosphere and the surface are nonzero, the aerosol-containing 
case also has increased ownwelling flux at the layer top and 
decreased upwelling flux at the layer bottom. Hence for the 
airplane, the case with 8oe•ow = 0 has decreased upwelling flux 
compared to the aerosol-free case, and the case with t•above = 0 has 
increased downwelling flux compared to the aerosol-free case. 
This is the reason for the curves passing to the right of the origin 
in Figure 6a (calculated by method B') and in Figure 6b 
(calculated by method C'). Specifically, method B' modifies the 
method B curves (which pass through the origin) to account for 
the effect of the aerosol above the aircraft on upwelling fluxes. It 
does this by setting l•abov e '-- l•layer -l•belo w , where •layer is the optical 
depth of the full aerosol layer. The downwelling flux change 
corresponding to tSa•ove is given by Figure 6b (method C); 
multiplication by the surface albedo gives the corresponding 
upwelling flux change. Calculations are done as a function of 
wavelength and solar zenith angle and then integrated to obtain 
the full-solar, 24-hour average values shown. The method C' 
modification to method C is obtained analogously. 
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